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ABSTRACT
The influences of strong gradients in sea surface temperature on near-surface cross-front winds are
explored in a series of idealized numerical modeling experiments. The atmospheric model is the Naval
Research Laboratory Coupled Ocean–Atmosphere Mesoscale Prediction System (COAMPS) model, which
is fully coupled to the Regional Ocean Modeling System (ROMS) ocean model. A series of idealized,
two-dimensional model calculations is carried out in which the wind blows from the warm-to-cold side or
the cold-to-warm side of an initially prescribed ocean front. The evolution of the near-surface winds,
boundary layer, and thermal structure is described, and the balances in the momentum equation are
diagnosed. The changes in surface winds across the front are consistent with previous models and obser-
vations, showing a strong positive correlation with the sea surface temperature and boundary layer thick-
ness. The coupling arises mainly as a result of changes in the flux Richardson number across the front, and
the strength of the coupling coefficient grows quadratically with the strength of the cross-front geostrophic
wind. The acceleration of the winds over warm water results primarily from the rapid change in turbulent
mixing and the resulting unbalanced Coriolis force in the vicinity of the front. Much of the loss/gain of
momentum perpendicular to the front in the upper and lower boundary layer results from acceleration/
deceleration of the flow parallel to the front via the Coriolis term. This mechanism is different from the
previously suggested processes of downward mixing of momentum and adjustment to the horizontal pres-
sure gradient, and is active for flows off the equator with sufficiently strong winds. Although the main focus
of this work is on the midlatitude, strong wind regime, calculations at low latitudes and with weak winds
show that the pressure gradient and turbulent mixing terms dominate the cross-front momentum budget,
consistent with previous work.
1. Introduction
There is now a large body of evidence that the near-
surface winds in the atmosphere are modified in the
vicinity of oceanic fronts. Early studies in the eastern
tropical Pacific Ocean found a strong correlation be-
tween surface wind and sea surface temperature such
that winds were stronger over warmer water (Wallace
et al. 1989). In situ observations have revealed a similar
relationship at midlatitudes near the Gulf Stream
(Sweet et al. 1981; Mahrt et al. 2004), western Arabian
Sea (Vecchi et al. 2004), Agulhas Current (Jury and
Walker 1988), and Kuroshio (Nonaka and Xie 2003).
High-resolution satellite observations have demon-
strated that this correlation between sea surface tem-
perature and surface wind stress is found on spatial
scales of 25–1000 km and extends to seasonal and in-
terannual time scales (Chelton et al. 2001, 2004; O’Neill
et al. 2003, 2005; Xie 2004; Xie et al. 2001).
Several hypotheses have been put forth to explain
the correlation between SST and surface winds, and a
recent review of observational and modeling results is
given in Small et al. (2007, manuscript submitted to
Dyn. Atmos. Oceans). Lindzen and Nigam (1987) sug-
gested that the change in surface winds in the tropical
Pacific Ocean result from an adjustment to pressure
gradients that are set up across ocean fronts due to the
different baroclinic structure of the boundary layer on
either side of a front. The importance of pressure gra-
dients in the generation of strong winds over warm wa-
ter has been inferred from models of the eastern equa-
torial Pacific (Small et al. 2003, 2005) and observations
and models over the Gulf Stream (Mahrt et al. 2004;
Song et al. 2006).
Wallace et al. (1989) and Hayes et al. (1989) pro-
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posed that the decrease in stability of the boundary
layer over warm water results in an increase in the tur-
bulent mixing in the planetary boundary layer, and thus
enhances the downward mixing of momentum from the
upper atmosphere to the near surface. This enhanced
downward turbulent mixing results in stronger surface
winds over warm water. Support for the vertical mixing
of momentum idea is found in the near-equatorial
model of de Szoeke and Bretherton (2004) and the mid-
latitude large eddy simulations of Skyllingstad et al.
(2006).
Samelson et al. (2006) suggest that the stress at the
sea surface must depend on the planetary boundary
layer thickness so that the surface winds must be posi-
tively correlated with boundary layer thickness and,
thus, sea surface temperature. Their analysis did not
consider the transitional region near the ocean front
where winds are accelerating and applies only to the
near-equilibrium regions away from the front.
2. Model configuration and examples
a. Model configuration
A series of idealized, two-dimensional coupled
ocean–atmosphere numerical model calculations have
been carried out in order to explore the nature of the
coupling between sea surface temperature and the
overlying atmospheric winds. The atmospheric compo-
nent is the three-dimensional Naval Research Labora-
tory Coupled Ocean–Atmosphere Mesoscale Predic-
tion System (COAMPS) model (Hodur 1997). The
model solves the nonhydrostatic compressible equa-
tions of motion on a staggered terrain following sigma
coordinate system in the vertical and a staggered C-grid
in the horizontal. (Details can be found in the COAMPS
User Guide available at http://www.nrlmry.navy.mil/
coamps-web/web/home.)
The model incorporates several surface and bound-
ary layer parameterizations. The Mellor and Yamada
(1982) level-2.5 turbulence closure scheme is used to
parameterize turbulence on subgrid scales. This ap-
proach solves for the turbulent kinetic energy (TKE) e
using the TKE equation
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where D/Dt  U/x  V/y  W/z is the material
derivative; e  (u2  2  w2)/2 is the turbulent kinetic
energy in which u, , and w are the unresolved turbulent
velocities; U and V are the resolved horizontal velocity
field; 	 is the coefficient of thermal expansion; 
 is po-
tential temperature; and g is the gravitational accelera-
tion. This equation balances the material change of
TKE with vertical diffusion, shear production, buoy-
ancy production, dissipation, and lateral advection by
the large-scale flow. The dissipation length scale 1 is
derived from a universal length scale l, defined below.
The reader is referred to Mellor and Yamada (1982)
and the COAMPS User Guide for details.
The mixing coefficients are calculated as
KH,M,e  SH,M,el2e
12, 2
where SH,M are polynomial functions of the flux Rich-
ardson number and Se is taken to be constant. The
mixing length scale l is calculated following Blackadar
(1962) as
l 
z
1  z
. 3
Here  is the von Kármán constant and the parameter
 is a turbulence weighted length scale given by
  
ze dz
e dz , 4
where the value of  depends on the stability of the
atmosphere. For stable stratification,   0.1 and for un-
stable stratification   0.1 z/15L, for 0.3  z/L  0
and   0.3 for z/L  0.3, where L is the Monin–
Obukhov length.
The flux Richardson number is the ratio of the buoy-
ant production of TKE to the shear production of TKE,
given by
Rif 
gV		V
u		Uz  
		Vz
. 5
The surface sensible heat flux, latent heat flux, and
drag are calculated using the surface layer parameter-
ization of Louis (1979), which makes use of the bulk
Richardson number
RiB 
gz10
u10
2 
, 6
where z10  10 m is a reference level,  is the air–sea
temperature difference,  is the mean potential tem-
perature over the depth of the surface layer, and u10 is
the wind speed at the reference level.
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The surface stress is related to the wind speed U and
a drag coefficient CD as
  0U
2CD. 7
The drag coefficient is given by
CD   lnzz0  zL
2
, 8
where  is a stability-dependent correction function
(Stull 1988).
A similar configuration of the COAMPS model was
compared to a fully three-dimensional large eddy simu-
lation model for flow directed from land over cold wa-
ter by Skyllingstad et al. (2005). The COAMPS model
tended to predict stronger mixing and a deeper bound-
ary layer over cold water than was produced by the
large eddy simulation model. The COAMPS model
also produced very rapid transitions in turbulence lev-
els between land and sea since the mixing length is
controlled by the surface fluxes. However, the two
models were found to produce qualitatively similar re-
sults in terms of the development of and momentum
budgets within the boundary layer. With this in mind,
the focus here is more on the general behavior of the
boundary layer and influence of various terms on the
momentum balances rather than a detailed prediction
of how the boundary layer responds to variations in sea
surface temperature.
The standard atmospheric model domain is 800 km in
zonal extent and 9 km in the vertical. The horizontal
resolution is 4 km and is uniform for all calculations
reported here. Many of the calculations have also been
carried out at 2-km resolution and the results are es-
sentially the same. The model is discretized with 47
sigma levels in the vertical with grid spacing varying
from 1 m at the surface to 1000 m between 8-km and
9-km height. There are 30 sigma levels in the lower 1
km of the atmosphere. A biharmonic diffusion is ap-
plied to control grid-scale noise. The latitude of the
standard model domain is 43°N, giving a Coriolis pa-
rameter of 104 s1, taken to be constant. The bound-
ary conditions in the meridional direction are periodic
and a combination of radiation and extrapolation is
used in the zonal direction.
The ocean model is the Regional Ocean Modeling
System (ROMS; Shchepetkin and McWilliams 2005).
ROMS solves the hydrostatic, Boussinesq primitive
equations on a staggered C-grid with a topography-
following sigma coordinate system in the vertical. The
model uses horizontal Laplacian diffusion and viscosity
parameterizations of subgrid-scale mixing (coefficients
10 m2 s1) and a background vertical diffusion and vis-
cosity of strength 105 m2 s1. The ocean model has a
stretched grid in the vertical with 25 levels ranging from
7.7 m near the surface to 30 m near the bottom. The
horizontal resolution is 4 km, the same as for the atmo-
sphere. The ocean domain is D  500 m deep with a flat
bottom. Lateral boundary conditions for the ocean are
free slip on the eastern and western boundaries and
periodic in the north–south direction. Boundary layers
develop near the eastern and western walls in the ocean
due to the Ekman transport away/toward the boundary
forced by the atmospheric winds; however these bound-
aries are far from the region of the SST front and do not
affect the solutions discussed here.
The atmosphere is initialized with an idealized po-
tential temperature profile representative of that found
at midlatitudes. For simplicity, the adiabatic lapse rate
is constant at 6.7  103 ºC m1 and the surface tem-
perature is 14ºC. The standard wind field is initialized
as a zonal wind of strength 15 m s1, although this will
be varied. There is also a meridional pressure gradient
imposed that balances this zonal wind so that it is ini-
tially in geostrophic balance. The initial meridional
wind field is zero. The initial moisture profile varies
linearly from 8 g kg1 at the surface to 3 g kg1 at the
top of the atmosphere. The ocean is initialized with a
uniform background stratification with the Brunt–
Väisälä frequency N2  5  105 s2. A front is super-
imposed on this background stratification whose tem-
perature change varies linearly in the vertical from T
at the surface to zero at the bottom. The initial tem-
perature field in the ocean is defined by
Tx, z  T0  N
2zg
 0.5T{1  tanhx  x0Lf }1  zD,
9
where T0 is the sea surface temperature on the cold side
of the front, nominally 15°C, but will also be varied.
The temperature change across the front is T  5°C.
The ocean front is located in the center of the domain at
x0  400 km and has a lateral decay scale of Lf  30 km.
The atmosphere and ocean models are fully coupled
at the interface. The atmosphere obtains sea surface
temperature from the ocean model, and the ocean
model obtains the momentum flux, net longwave and
net shortwave radiation and latent and sensible heat
fluxes from the atmospheric model. The data are ex-
changed at the time step of the ocean model. Details of
the coupling and solution procedure are given in Perlin
et al. (2007).
Two classes of calculations will be considered: atmo-
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spheric flow from the warm side to the cold side of the
ocean front and atmospheric flow from the cold side to
the warm side of the front. Each of the model calcula-
tions are run for 48 hours by which time the fields are
at an essentially steady state. Changes in SST are small
over the course of integration and will not be discussed.
Basic properties of the atmospheric circulation and
boundary layers are first described in this section, and a
discussion of the controlling physics and sensitivities
are given in the following sections.
b. Warm-to-cold example
Results for the case with the atmospheric wind blow-
ing from the warm side to the cold side of the front are
given in Fig. 1. The entire domain is shown here, al-
though subsequent figures will focus on the ocean fron-
tal region and downwind evolution. The region be-
tween the inflow boundary on the right and the ocean
front is nearly uniform with a boundary layer thickness
of approximately 800 m (defined as the height at which
the Richardson number exceeds 0.5) and zonal winds
of O(10  15 m s1). The temperature within the
boundary layer is uniform, indicating strong turbulent
mixing. The zonal winds at the top of the boundary
layer are slightly supergeostrophic, while those near the
surface are subgeostrophic. The meridional winds of
O(1 m s1) are to the south, or to the left of the geo-
strophic wind. This velocity profile and veering are con-
sistent with the traditional linear Ekman layer flow,
suggesting a balance between the Coriolis term and ver-
tical turbulent mixing. Details of the momentum bud-
get will be given in the next section.
As the flow crosses the front, the upper-level zonal
winds accelerate and the near-surface zonal winds slow
down. The boundary layer rapidly thins to approxi-
mately 250 m. The temperature near the surface drops
several degrees just downwind of the SST front. Such
an internal boundary layer is commonly observed over
cold water, as discussed by Mahrt et al. (2004), Skyll-
ingstad et al. (2006), and Song et al. (2006). The me-
ridional wind near the surface increases rapidly toward
the south, which, together with the deceleration of the
zonal flow, results in stronger veering of the wind. The
meridional wind at heights between the shallow bound-
ary layer over cold water (250 m) and the height of the
boundary layer upwind over warm water (800 m) turns
toward the north several hundred kilometers downwind
of the SST front.
FIG. 1. Zonal sections of (a) zonal wind and (b) meridional wind (colors, units m s1) for the case of
atmospheric flow from the warm side to the cold side of the front (right to left). Thin white contours are
of potential temperature (contour interval: 1ºC) and the white dashed line is the top of the planetary
boundary layer. (c) Sea surface temperature.
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c. Cold-to-warm example
The calculation from cold to warm water shows a
very different evolution (Fig. 2). Over the cold water,
there is very strong vertical shear in the zonal winds
with slightly supergeostrophic winds at the top of the
boundary layer and with surface winds less than 10
m s1. The temperature is again nearly uniform with
height within the 400-m-thick boundary layer. The me-
ridional winds are to the north, again demonstrating
veering relative to the zonal flow and consistent with an
Ekman layer balance.
As the ocean front is crossed, the boundary layer
gradually grows thicker, but over a much larger length
scale than the collapse seen when going from warm to
cold water. A similar asymmetry is discussed by Skyl-
lingstad et al. (2006) and Song et al. (2006). The tem-
perature in the boundary layer increases over a similar
length scale and remains well mixed in the vertical over
most of the boundary layer. There is a more rapid
change in the zonal and meridional winds as the ocean
front is encountered. The near-surface zonal wind in-
creases by several meters per second while the meridi-
onal wind rapidly decreases. The upper-level zonal
wind initially decreases as the boundary layer thickens,
while the meridional winds increase. The upper-level
zonal winds reach a minimum approximately 100 km
downwind of the front and then gradually increase to-
ward their geostrophic value. The meridional winds
also increase on this same length scale.
In general terms, these model results are consistent
with the observed changes in boundary layer thickness,
wind speeds and directions, and levels of turbulence as
in, for example, Mahrt et al. (2004), Smedman et al.
(1997), Vickers and Mahrt (2006), Sweet et al. (1981),
Vecchi et al. (2004), and Wallace et al. (1989). Similar
changes across SST fronts have also been modeled by
Small et al. (2003, 2005), Skyllingstad et al. (2006), and
Song et al. (2006).
3. Model analysis
a. Surface stress
The surface winds change in response to the change
in SST as the front is crossed. In both cases, the surface
winds change on the same horizontal length scale as the
change in SST. For the case of warm to cold, the zonal
FIG. 2. Zonal sections of (a) zonal wind and (b) meridional wind (colors, units m s1) for the case of
atmospheric flow from the cold side to the warm side of the front (left to right). Thin white contours are
of potential temperature (contour interval: 1ºC), the white dashed line is the top of the planetary
boundary layer, and the thin blue line in (a) is proportional to x1/2 downwind of the front. (c) Sea surface
temperature.
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winds decrease from 11.5 to 7.8 m s1 over a dis-
tance of less than 100 km. The corresponding surface
stress decreases in magnitude from 0.16 to 0.05 N
m2. This change in surface stress also takes place on
the same scale as the change in SST.
There is a nearly linear relationship between SST and
zonal surface stress, as indicated in Fig. 3a. The circles
mark the zonal surface stress and SST at each model
grid point. The farther apart the circles are spaced, the
larger the horizonal gradient. Most of the change in
zonal stress takes place where there is a large change in
SST across the front. The slope of the dashed line,
taken as the change in stress from 200 to 600 km in
longitude, is C  /T 0.024 N m
2 ºC1, which is
in general agreement with the strength of the coupling
found in satellite observations of O’Neill et al. (2003,
2005). However, there is not a clear relationship be-
tween the surface wind stress and the planetary bound-
ary layer thickness in the vicinity of the front (Fig. 3b).
Most of the change in surface stress takes place at
nearly constant boundary layer thickness, while most of
the change in boundary layer thickness is at nearly con-
stant stress.
A similar result is found for the cold-to-warm calcu-
lation. The surface wind increases by approximately 3
m s1 over a distance of less than 100 km, while the
surface stress increases by 0.10 N m2 (Fig. 4a). The
surface stress is again nearly linearly related to the SST,
this time with slope C  0.020 N m
2 ºC1. s for the
previous case, the changes in surface stress are found at
nearly constant boundary layer thickness, while most of
the change in boundary layer thickness occurs at nearly
constant stress (Fig. 4b).
These results indicate that the simple, one-dimen-
sional equilibrium balance proposed by Samelson et al.
(2006), in which the surface stress is linearly related to
the thickness of the boundary layer, does not hold in
the vicinity of the front for either warm-to-cold or cold-
to-warm situations. This is not surprising since that bal-
ance was derived for quasi-equilibrium situations away
from the rapid transitions that are expected to occur
near the front. Away from the frontal region, the quali-
FIG. 4. As in Fig. 3 but for the case of cold-to-warm flow. The dashed line in (a) is a linear trend
with slope 0.020 N m2 ºC1.
FIG. 3. Scatterplot of zonal surface wind stress versus (a) sea surface temperature and (b) planetary
boundary layer thickness for the case of warm-to-cold flow. The dashed line in (a) is a linear trend with
a slope of 0.024 N m2 ºC1.
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tative balance in the model is consistent with an Ekman
layer that, in a linear constant mixing model, would
produce a surface stress linearly proportional to the
boundary layer thickness.
To test whether the one-dimensional balance of
Samelson et al. (2006), and the linear relation predicted
for a linear Ekman layer, hold away from the transi-
tional region in the vicinity of the front, a series of
calculations have been carried out in which the initial
SST on the cold side of the front (T0) is increased from
15° to 20°C in one-degree increments. Each of these
oceanic states was run with winds from warm to cold
and from cold to warm. These cases have the same T
across the front but result in deeper boundary layers in
the atmosphere because of the warmer SST. The
change in stress across the front for each of these cal-
culations is plotted against the change in boundary
layer thickness across the front in Fig. 5. The boundary
layer thickness and stress on the downwind side of the
front was calculated 200 km from the front, downwind
of the region of rapid change in the surface stress.
There is a generally linear trend of increasing change in
surface stress across the front with the change in bound-
ary layer thickness, consistent with the heuristic model
of Samelson et al. (2006).
The warm-to-cold cases show the most sensitivity to
changes in SST (squares), with the change in boundary
layer thickness exceeding 1000 m for the warmest T0.
The cold-to-warm calculations show nearly the same
change in thickness, and in surface stress, for all values
of T0. The upwind boundary layer thickness for the
warm-to-cold calculations approaches the value it
would have in an infinite domain with no spatial varia-
tion in SST, and this depends strongly on T0. This is
because the upwind boundary condition of radiation
and extrapolation eliminates zonal gradients upwind of
the front, so the balance there is essentially one-dimen-
sional. However, for the cold-to-warm cases, the
boundary layer is still growing in the downstream di-
rection for all values of T0 and so the change in bound-
ary layer thickness is nearly independent of T0 because
the flow has not yet reached equilibrium.
The adjustment of the boundary layer thickness in
the cold-to-warm cases is very close to what would be
expected following a column of air subject to a desta-
bilizing surface heat flux as it crosses the front. The
boundary layer for a simple one-dimensional model
subject to uniform heating at the surface would grow in
time as t1/2 (Turner 1973). Taking a Lagrangian view,
with x  tU, and x  0 at the front, a boundary layer
consistent with this one-dimensional model is shown in
Fig. 2 by the solid blue line, which is close to what is
found in the model.
Note also that the increasing change in stress across
the front corresponds to an increasing slope in the re-
lationship between surface stress and SST because each
of these calculations has the same T. The slope of this
relationship varies by almost a factor of 2, ranging from
C  1.7  10
2 to C  3.0  10
2 N m2 °C1.
The subgrid-scale parameterization of vertical mixing
of momentum was varied to determine the sensitivity of
this coupling strength to the model formulation. The
central case of cold-to-warm flow was recalculated for
several cases: KM fixed to its value over warm water;
  0.3 and constant across the front; and SM  2 and
constant. All other formulations were as in the standard
model. The first test case, with constant mixing across
the front, resulted in very weak change in surface stress
across the front, the coupling strength C  3  10
3 N
m2 °C1, almost an order of magnitude smaller than
the standard case. The mixing coefficient KM is a func-
tion of both mixing length l and the polynomial func-
tion of the flux Richardson number SM [Eq. (2)]. Cal-
culations with the mixing length fixed across the front
produce essentially the same coupling strength as in the
standard case. Calculations with the polynomial func-
tion fixed to a constant value SM  2, which is close to
that found over warm water for the standard calcula-
tion, produce only weak coupling of C  5  10
3 N
m2 °C1. The sensitivity of the coupling strength to
the change in CD as a result of the change in stability
across the front, as represented by  in (8), was tested
by setting   0.3, close to its value over warm water.
The resulting coupling is only 10% weaker than for the
standard calculation, C  1.8  10
2 N m2 °C1.
These results indicate that the primary term responsible
for the change in surface stress across the front is the
change in the vertical mixing coefficient that results
FIG. 5. Change in zonal surface stress versus change in planetary
boundary layer thickness across the front for a series of model
calculations in which the reference sea surface temperature T0 is
increased from 15º to 20ºC. Circles indicate calculations from cold
to warm; squares indicate calculations from warm to cold.
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directly from an increase in the flux Richardson num-
ber over warm water. The stability effect on the drag
coefficient CD is of much less importance, consistent
with the analysis of O’Neill et al. (2005) for the Agulhas
region.
The strength of the coupling C is most sensitive to
the strength of the geostrophic cross-front wind. A se-
ries of calculations has been carried out in which the
initial wind was varied between 3 and 25 m s1 for both
warm-to-cold and cold-to-warm cases. The resulting
coupling coefficient C is shown in Fig. 6 as a function
of geostrophic wind strength. There is a nearly qua-
dratic relationship for C  CU
2 with C  8  105 N
s2 m4 °C1. The strength of coupling is slightly larger
for the warm-to-cold calculations at higher wind
speeds. This is due primarily to a lower stress over cold
water, within the internal boundary layer, for the warm-
to-cold cases as compared to the stress over cold water
for the cold-to-warm cases. The lower stress gives a
larger change in stress across the front, and thus a larger
coupling coefficient.
b. Momentum budgets
The change in surface winds occurs primarily in the
transition region in the vicinity of the ocean front. The
forces responsible for this acceleration or deceleration
are revealed through analysis of the terms in the zonal
momentum equation:
Ut  UUx  VUy  ˙U  fV  KMUzz
 KH
4U  CPV	x  x	. 10
Lowercase subscripts indicate partial differentiation.
The first three terms on the right-hand side represent
zonal, meridional, and vertical advection of zonal mo-
mentum. The fourth term is the Coriolis term. Turbu-
lent mixing is represented by the fifth term, where the
vertical mixing coefficient KM is determined by the
Mellor and Yamada (1982) parameterization (2); KH is
a lateral mixing coefficient used to control numerical
instabilities. The final term is the zonal pressure gradi-
ent. The Exner function   (p/p00)
Rd /CP  (z) 
(x, y, z, t), where p is pressure, p00 is a reference
pressure, CP is the specific heat of air at constant pres-
sure, Rd is the dry gas constant, and 
V is the virtual
potential temperature.
1) WARM-TO-COLD CASE
Vertical sections of the dominant terms on the right-
hand side of the zonal momentum equation are shown
in Fig. 7. Because the flow is in steady state, the sum of
all these terms is essentially zero. The sign convention
is such that positive terms are acting to accelerate the
flow to the east. The steady balance in the model is
primarily between zonal advection of momentum, the
Coriolis term, and turbulent mixing, with a small con-
tribution from the pressure gradient, all other terms in
(10) being negligible. The SST front is centered at 400-
km longitude with an e-folding scale of 30 km. Upwind
of the front, the primary balance throughout the
boundary layer is between the Coriolis term and tur-
bulent mixing. The TKE is acting to slow the westward
flow, and the Coriolis term is providing westward mo-
mentum at the expense of the meridional momentum.
The pressure gradient is weakly negative, of the same
sign as the Coriolis term and slightly helping to offset
the turbulent mixing. The pressure gradient term is
small because the flow upwind of the front is nearly in
equilibrium (1D balance) and there are no large-scale
zonal pressure gradients imposed on the flow. Horizon-
tal advection is weak, again indicating that this is es-
sentially a one-dimensional equilibrium balance. Tur-
bulent mixing increases rapidly as near-surface parcels
are advected across the front. This is the shallow inter-
nal boundary layer discussed by Skyllingstad et al.
(2006) and Mahrt et al. (2004). This change in mixing is
offset by an increasingly negative horizontal advection
term as the surface winds slow down with little change
in the pressure gradient term. Downwind of the front
the Coriolis term becomes increasingly negative within
the internal boundary layer, growing to the point that it
balances the turbulent mixing and the horizontal advec-
tion term goes to zero. At this point, the horizontal
velocity is no longer decreasing and the flow returns to
an essentially one-dimensional balance, the new Ek-
man-like balance for the shallow boundary layer over
the cold SST.
FIG. 6. The coupling coefficient C measuring the strength of
the change in wind stress for each degree of change in SST across
the front. Circles indicate calculations from cold to warm; squares
indicate calculations from warm to cold. The solid line is the
quadratic fit C  8  10
5 U 2.
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In the upper boundary layer, the turbulent mixing
rapidly drops to near zero as the front is crossed. This
is accompanied by a positive horizontal advection term,
coincident with the increase in winds to the west. These
changes occur in the immediate vicinity of the front.
Two hundred kilometers downwind of the front, the
Coriolis term becomes positive above the shallow in-
ternal boundary layer. This is balanced by the horizonal
advection term as the upper-level zonal winds slow
down.
The dynamical balances can be subdivided into two
regions: the lower boundary layer (height less than the
internal boundary layer over cold water) and the upper
boundary layer. The balances within these regimes are
most clearly demonstrated with terms in the momen-
tum equation taken at constant height. For the near-
surface winds (Fig. 8), the primary balance in the fron-
tal region, in a Lagrangian framework, is between tur-
bulent mixing and acceleration. Following an air parcel,
the change in the vertical divergence of the horizontal
stress due to turbulent mixing occurs very quickly as the
parcel flows over colder water. This is initially balanced
by the horizontal advection term such that the parcel
loses zonal momentum. This rapid change in the stress
divergence is due to a change in the vertical scale of the
boundary layer, not due to an increase in the vertical
mixing coefficient KM. The mixing coefficient actually
decreases rapidly across the front, primarily due to a
decrease in the flux Richardson number. The effect of
turbulent mixing on the momentum budget within the
boundary layer nonetheless increases because the ver-
tical scale of the boundary layer becomes very small as
the cold SST stabilizes the lower atmosphere.
The Coriolis term is nearly constant over the hori-
zontal length scale of the front. This is because the
Coriolis term cannot change significantly for times
scales less than f1 or, following the flow, for length
scales less than Li  Uf
1. For a 15 m s1 wind speed,
this gives a length scale of Li  150 km, wider than the
frontal width. It is over this length scale (Li) that the
Coriolis term increases in magnitude such that it bal-
ances the new level of turbulent mixing within the shal-
low internal boundary layer and the flow arrives at the
new one-dimensional balance.
In the upper boundary layer, the balance on the up-
wind side of the front is mainly between turbulence and
Coriolis, with a small contribution from the zonal pres-
sure gradient. As air flows over the front, the turbulent
FIG. 7. Vertical slices of the dominant terms in the zonal momentum balance for the case of warm-to-cold flow
(zonal flow direction is indicated by the bold black arrow, units 103 m s2). The thin white contours are potential
temperature (contour interval: 1ºC), and the thick white dashed line is the top of the planetary boundary layer.
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mixing rapidly drops to zero. However, as stated for the
lower boundary layer, the Coriolis term cannot change
that rapidly, so the Coriolis force goes into acceleration
of the horizontal flow. The change in zonal velocity in
turn forces an acceleration of the meridional wind
through the Coriolis force in the meridional momentum
equation. This transfer of momentum between zonal
and meridional flows continues as an inertial oscillation
following the air parcel downwind of the front. The
turning of the velocity vector, and its balance with the
Coriolis term, are evident in Fig. 8a. The wavelength of
this inertial lee wave is approximately 2U/f  1000 km
for a 15 m s1 wind, in general agreement with the
model result. Calculations in a wider domain (1600 km)
show that the oscillation continues farther to the west,
consistent with this interpretation. This is anologous to
the nocturnal jet in which turbulent mixing ceases at
night and an inertial oscillation sets up in the upper
boundary layer (Blackadar 1957).
2) COLD-TO-WARM CASE
Vertical sections of the dominant terms in the zonal
momentum equation are shown in Fig. 9. The steady
balance in the model is again primarily between zonal
advection of momentum, the Coriolis term, and turbu-
lent mixing with a small contribution from the pressure
gradient. Upwind of the front, the same Ekman-like
balance is found throughout the boundary layer. As the
parcels cross the front from cold to warm SST, there is
a rapid change in the turbulent mixing term: it de-
creases in magnitude near the surface and increases in
magnitude in the upper boundary layer. This change is
balanced by an acceleration of the winds in the lower
boundary layer and a deceleration of the winds in the
upper boundary layer. The potential temperature
within the boundary layer increases downwind of the
front and remains very weakly stratified. The pressure
gradient increases downwind of the front to partially
offset the turbulent mixing. Two hundred kilometers
downwind of the front the balance is again Ekman-like
with only weak changes in the wind strength.
The individual terms in the lower boundary layer
show that the change in turbulent mixing is offset by a
change in horizontal advection with very little change in
the Coriolis term on the length scale of the front (Fig.
10). Over most of the region where the surface winds
are increasing, the turbulent mixing term does not tend
to increase the wind speed but, with the exception of a
very small region on the leading edge of the front, acts
to slow the winds down. The acceleration takes place
because, with the decrease in momentum loss due to
vertical mixing, the Coriolis term is largely unbalanced.
Most of the gain in zonal momentum near the surface
comes from the Coriolis torque, not downward mixing
of momentum.
On a somewhat larger length scale, the pressure gra-
FIG. 8. Terms in the zonal momentum balance for the upper level (455-m height) and lower
level (5-m height) of the planetary boundary layer (103 m s2). Solid black: zonal advection;
solid red: Coriolis; dashed black: turbulent mixing; dotted black: pressure gradient; and solid
green: vertical advection. The ocean front is centered at 400 km.
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FIG. 9. Vertical slices of the dominant terms in the zonal momentum balance for the case of cold-to-warm flow
(zonal flow direction is indicated by the bold black arrow, units 103 m s2). The thin white contours are potential
temperature (contour interval: 1ºC), and the thick white dashed line is the top of the planetary boundary layer.
FIG. 10. As in Fig. 8 but for the upper level (365-m height).
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dient increases and the Coriolis term decreases. The
pressure gradient becomes important for the accelera-
tion of the flow but only over the downwind edge of the
front, by which time most of the acceleration has al-
ready taken place. The length scale over which the
pressure gradient changes is controlled by a balance of
lateral advection of the upwind stratification and verti-
cal mixing, which can be written as LP  UH
2/KT,
where H is the boundary layer thickness and KT is the
vertical diffusion coefficient due to turbulent mixing.
For a linear Ekman layer, the boundary layer thickness
H  (/f )
1/2 (Pedlosky 1987) and LP  LiPr, where
Pr  KM/KT is the turbulent Prandtl number. For a
Prandtl number of O(1), as is found in the model, the
pressure gradient would change over a length scale
similar to the Coriolis term. Several hundred kilome-
ters downwind of the front, the boundary layer thick-
ness and surface winds are changing only slowly, and
the new Ekman-like balance is achieved.
Upwind of the front, at 365-m height, the flow is
nearly in geostrophic balance and the Coriolis and tur-
bulent mixing terms are small because it is near the top
of the planetary boundary layer. As the front is encoun-
tered, the boundary layer deepens and a drag on the
flow is induced by turbulent mixing. As the zonal flow
decreases, the meridional flow increases on a length
scale of Li (increasing the Coriolis term) in order to
balance the turbulent mixing. As the Coriolis term
spins up, the zonal deceleration term decreases until
the new Ekman balance is attained.
Given the similar pattern in momentum loss in the
upper boundary layer and momentum gain in the lower
boundary layer due to vertical mixing, it is tempting to
interpret this as simply a redistribution of momentum
in the vertical bringing high momentum down toward
the surface. However, integration of this vertical mixing
term indicates that the momentum loss in the upper
boundary layer greatly exceeds the momentum gain in
the lower boundary layer due to turbulent mixing. The
velocity profiles upwind and downwind of the front are
shown in Fig. 11a. In the lower boundary layer, the
zonal velocity increases and the meridional velocity de-
creases from the cold side to the warm side of the front.
The opposite trend is found in the upper boundary
layer. This is reflected in the change in zonal (U) and
meridional (V) velocities across the front shown in
Fig. 11b. To a large degree, the loss of zonal momentum
in the upper boundary layer is accompanied by a gain in
momentum of the meridional flow over a similar height
range. The loss of zonal momentum in the upper
FIG. 11. Vertical profiles of (a) zonal and meridional velocities on the cold side (x  200 km;
dashed) and warm side (x  600 km; solid) of the front; (b) change in zonal (solid) and
meridional (dashed) velocities across the front.
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boundary layer, as measured by Udz where U  0,
is 513 m2 s1, while the gain in meridional momentum
is 635 m2 s1, slightly exceeding that lost from the zonal
momentum. Although there is also a gain in zonal mo-
mentum near the surface, its magnitude (integral over
height range where U  0) is only 182 m2 s1, much
less than the momentum loss in the upper boundary
layer. However, the loss in meridional momentum near
the surface is 139 m2 s1, or about 75% of the mo-
mentum gained by the zonal flow.
These results support the interpretation that the
changes in zonal flow arise largely as a result of ex-
changing momentum with the meridional flow through
the Coriolis terms, not by a vertical redistribution of
momentum due to changes in the turbulent mixing.
There is a clear parallel between this adjustment of the
horizontal momentum balances and that of the inertial
lee wave that arises with the abrupt loss of turbulent
mixing across the front in Fig. 8. It should be noted,
however, that the Coriolis terms can only exchange mo-
mentum between the zonal and meridional components
of the flow, not change the total momentum at any
given level, so that the turbulent mixing and pressure
gradient terms are important for the net change in mo-
mentum at each level.
4. Other flow regimes
The primary regime of interest is midlatitude, strong
winds blowing across narrow sea surface temperature
fronts. The importance of the Coriolis term in the mo-
mentum balances is different from what has been pre-
viously found, and the scaling suggests that this may be
dependent on the strength of the winds. A few sensi-
tivity calculations have been carried out to see how the
terms responsible for the acceleration or deceleration
of the near-surface winds change for weaker winds and
at low latitudes.
a. Weak winds
The spatial scale over which the pressure gradient
can change is dependent on the strength of the zonal
wind because it arises as a result of competition be-
tween horizontal advection of the upwind stratification
and erosion due to vertical mixing. The warm-to-cold
and cold-to-warm cases have been recalculated with ini-
tial winds of 3 m s1. For this value of winds, the
inertial length scale Li  Lf and, for a Prandtl number
of 1, LP  Lf, so it is expected that the pressure gradi-
ent may become more important than was found for the
strong wind cases. The case of cold to warm is shown in
Fig. 12. The boundary layer thickness upwind of the
front is shallower, reflecting less turbulence generated
by the weaker atmospheric winds. The boundary layer
also approaches its equilibrium depth in less distance
downwind from the front because the advection of the
upwind stratification over the front is weaker. The tem-
perature in the atmospheric boundary layer approaches
the sea surface temperature within 200 km of the front,
less distance than for the strong wind case. This results
in a stronger zonal gradient in the temperature within
the atmospheric boundary layer and, thus, a stronger
zonal pressure gradient. The balance upwind of the
front is between turbulent mixing and the Coriolis pa-
rameter, similar to the previous high wind case (Fig.
13). However, in the frontal region the turbulent mixing
becomes increasingly negative and works to decelerate
the zonal flow. This is opposite to what was found for
strong winds. The acceleration of the flow and this tur-
bulent mixing are balanced by the zonal pressure gra-
dient term. This balance is fundamentally different than
was found for the strong wind case.
For the case of warm-to-cold flow, the deceleration in
the frontal region is driven both by the lateral pressure
gradient and the increase in turbulent mixing (Fig. 14).
As for the cold-to-warm case, the pressure gradient
changes on the lateral scale of the front, enabling it to
increase sufficiently to influence the momentum bal-
ance in the frontal region. The Coriolis term changes
rapidly in response, also on the spatial scale of the
front. Downwind of the front the pressure gradient and
turbulent mixing together balance the Coriolis term.
In each of these weak wind cases the pressure gradi-
ent has the dominant role in accelerating or decelerat-
ing the zonal winds near the surface. This is a direct
result of the weaker winds allowing the turbulent mix-
ing of temperature in the boundary layer to act over the
same horizontal scales as the front itself. It is the cross-
front winds that are important in setting this length
scale, so the pressure gradient term may also become
important for strong winds with only a weak cross-front
component.
b. Low latitudes
The importance of the Coriolis term in the accelera-
tion of both the upper and lower level winds arises
because the basic balance in the turbulent boundary
layer away from the frontal region is between the Co-
riolis term and turbulent mixing. For the case of tropi-
cal instability waves, which are centered near 2ºN, the
Coriolis parameter is much weaker and less likely to
play such a pivotal role in the momentum balance.
The cold-to-warm calculation applied at 2ºN shows a
much different balance than was found at midlatitudes.
The flow accelerates over the warm water, as found for
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the other cases, but now it is balanced by both turbulent
mixing and the pressure gradient term (Fig. 15). Con-
sistent with the results of Wallace et al. (1989), Hashi-
zume et al. (2002), and de Szoeke and Bretherton
(2004), the turbulent mixing now acts to accelerate the
flow at 5-m height. This is different from the decelera-
tion of the zonal flow due to vertical mixing found for
the midlatitude cases, and dominates the momentum
budget on the upwind side of the front. However, the
pressure gradient rapidly grows so that it becomes more
important than the turbulent mixing on the downwind
side of the front, as found in the model study of Small
et al. (2005). Far downwind of the front the turbulent
mixing changes sign, retarding the zonal flow, and is
balanced by the zonal pressure gradient.
As was the case for wind from warm-to-cold SSTs at
midlatitudes, changes in the flux divergence of the tur-
bulent mixing term dominate the slowing of the near-
FIG. 12. Vertical slices of the dominant terms in the zonal momentum balance for the case of cold-to-warm flow
(103 m s2) with an initial wind of 3 m s1. The thin white contours are potential temperature (contour interval:
1ºC); the thick white dashed line is the top of the planetary boundary layer.
FIG. 13. Terms in the zonal momentum balance at 5-m height (103 m s2) for a case with
3 m s1 initial winds (left to right). Solid black: zonal advection; solid red: Coriolis; dashed
black: turbulent mixing; dotted black: pressure gradient; and solid green: vertical advection.
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surface flow at low latitudes. However, the balance
within the boundary layer far from the front is between
turbulent mixing and the pressure gradient instead of
between turbulent mixing and the Coriolis term. The
warm-to-cold flow near the equator also does not result
in the inertial oscillation in the upper boundary layer
downwind of the front, which was found at midlati-
tudes.
5. Discussion and summary
The adjustment of the atmospheric boundary layer to
changes in sea surface temperature at an ocean front
has been explored for situations of atmospheric flow
from warm to cold water and from cold to warm water.
The model configuration and forcing are very idealized
and are intended to represent generic, but typical, mid-
latitude conditions in the open ocean. The changes in
the boundary layer structure found in the model (thick-
ness, wind strength and direction) are qualitatively
similar to what has been seen in observations and in
other models. Most important is the positive correla-
tion between surface wind stress and sea surface tem-
perature and boundary layer thickness. The magnitude
of the change in surface stress resulting from the change
in SST across the front is similar to what has been in-
ferred from satellite observations. It is shown that this
is due primarily to changes in the vertical mixing of
momentum across the front, which results from changes
in the flux Richardson number over warm and cold
water. The explicit dependence of surface drag on the
stability of the boundary layer was found to play a
much weaker role in the coupling, only O(10%). The
magnitude of the cross-front geostrophic wind was
found to be most important for the coupling strength
with a quadratic dependence on wind speed.
For the midlatitude, strong wind cases studied here,
the dynamics in the boundary layer upwind and down-
wind of the front, for both warm-to-cold and cold-to-
warm flows, is described as Ekman-like because the
momentum balance is primarily between turbulent mix-
ing and the Coriolis force. The details of the boundary
layer structure and its parameter dependence are likely
more complicated than for the linear Ekman layer with
constant mixing because of the presence of stratifica-
tion and a nonconstant vertical mixing coefficient.
Nonetheless, the similarity suggests an analogous mo-
mentum balance in which the vertical mixing acts to
slow the flow throughout the boundary layer, and the
energy lost by the wind at the surface of the ocean
through stress is provided by the along-front flow down
the background pressure gradient. The acceleration of
surface winds over warm water is not provided by mix-
ing momentum down from above, but is instead pro-
vided by a deceleration of the along-front winds. Simi-
larly, the deceleration of the upper-level winds is
FIG. 14. As in Fig. 13 but for a case with 3 m s1 initial winds (right to left).
FIG. 15. As in Fig. 13 but for a case with 15 m s1 initial winds at 2ºN.
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largely balanced by an increase in the momentum of the
along-front winds at similar heights.
The acceleration/deceleration of the surface winds
across the front can be interpreted as a result of the
disparity in length (or time) scales over which the terms
in the momentum equation can change. The turbulent
mixing changes very rapidly in the present model be-
cause it is essentially a one-dimensional balance in the
vertical; lateral advection of turbulent energy is small.
The other terms in the momentum equation are more
strongly influenced by rotation and lateral advection
and hence are subject to different constraints on how
rapidly they can change as parcels are advected across
the front. There are three important length scales that
define different dynamical regimes: one associated with
the width of the front, Lf; one associated with the length
scale over which the Coriolis term can change, Li  U/f ;
and finally the length scale over which the pressure
gradient adjusts, LP  UH
2/KT. For typical midlatitude,
strong wind frontal regimes, Lf  Li, LP. The momen-
tum changes over a smaller horizontal length scale in
response to rapid changes in the strength of vertical
mixing than does temperature (or pressure) because
the vertical mixing of momentum acts over a smaller
vertical length scale than does the vertical mixing of
temperature. This is because temperature is well mixed
over the planetary boundary layer depth while momen-
tum has significant vertical shear over the boundary
layer because of the Ekman-like momentum balance
and the importance of the Coriolis terms.
The pressure gradient plays a secondary role in the
strong wind, midlatitude cases studied here, although
previous modeling studies have identified the pressure
gradient as being responsible for the acceleration over
warm water. Calculations with weaker winds, so that LP
 O(Lf), result in the pressure gradient being the pri-
mary term responsible for the change in wind speed
over the front. The weaker winds allow the vertical
mixing of temperature to act on spatial scales of the
front, and thus allow sufficient pressure gradient to de-
velop in the vicinity of the front to alter the momentum
balances. The balances were also different for the case
of cold-to-warm flow near the equator. The turbulent
mixing accelerates the near-surface flow directly over
the front, consistent with the previous idea that the
change in surface winds over the tropical instability
waves results from a downward mixing of momentum
from above, although it reverses sign downwind of the
front to slow the winds. The pressure gradient was also
partly responsible for accelerating the near-surface
winds on the downwind side of the front, and balances
the turbulent mixing far downwind of the front.
These results suggest that the terms responsible for
the change in surface winds in the vicinity of oceanic
fronts vary depending on the environment. An attempt
has been made here to explore one region of parameter
space, strong midlatitude winds over narrow oceanic
fronts. The general importance of each of the terms in
the momentum equation for different parameters, most
notably at low latitudes and for weaker cross-front
winds, has yet to be quantified. The results from this
and previous studies suggest that each of these terms
can be of importance in certain conditions. This makes
the finding from satellite data that the magnitude of the
change in wind stress is nearly linearly related to the
change in sea surface temperature across the front, for
a wide range of latitudes and frontal strength, some-
what surprising. This supports the interpretation of
Samelson et al. (2006) that the equilibrium balance far
from the front is not dependent on the details of the
transition region in the vicinity of the front and that the
function of the momentum budgets in the transition
region is primarily to adjust to a new one-dimensional
balance far from the front. However, O’Neill et al.
(2005) find a clear seasonal signal in the coupling
strength C over the Agulhas front, which indicates that
the background environment (such as stratification and
wind strength) does influence the strength of the cou-
pling.
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